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8.1 Introduction

Air-seainteraction associated with tropical intraseasonal variability and, particularly, the
MJO is of interest for three reasons. First, variations of the air-sea fluxes of heat and moisture
may be fundamental to mechanisms of tropical intraseasonal variahility. For instance, air-sea
interaction may promote the slow eastward propagation of the MJO and its northward
propagation in the Indian summer monsoon. Besides playing acritical role for the interplay
between convection and dynamics, surface fluxes of heat, moisture, and momentum drive SST
perturbations that may feedback to the surface fluxes and ultimately to the atmospheric dynamics,
thus, for instance, contributing to the growth of the MJO. Second, the episodic variations of
surface momentum, heat and freshwater fluxes driven by atmospheric intraseasonal variability
may play arolein the maintenance and low frequency variability of the warm pool in the tropical
Indian and Pacific Oceans. For example, the MJO induces transports in the equatorial west
Pacific that act in the mean to remove about the same amount of heat from the warm pool asis
provided by the mean surface heat flux (Ralph et al. 1997). From the opposite perspective of the
ocean driving the atmosphere, interannual variations of SST in the warm pool may also drive
interannual variationsin MJO activity, which may bear on the ability to predict seasonal
variations of MJO activity. Finaly, the MJO forces surface currents that drive SST variations at
the eastern edge of the warm pool (e.g., Kesder et al. 1995). Kelvin waves are also efficiently
excited by the MJO (e.g., Hendon et al. 1998), which radiate into the eastern Pacific where they
can perturb the SST (e.g., Giese and Harrison 1991; Zhang 2001; McPhaden 2002). These
intraseasonal SST variations may lead to arectified coupled- response, which playsarolein the
evolution of ENSO (e.g., Bergman et a. 2001; Zhang and Gottschalck 2002).

The focusin this chapter is on observations of air-seainteraction that may be relevant to
the mechanism and variability of the MJO. The interactions relevant to the evolution of ENSO are
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response in the upper ocean to intraseasonal surface flux variations, which providesinsight into
the processes that control the associated SST variability in the warm pool, are also covered.
Theory and modeling studies of the role of air-seainteraction for the mechanism for the MJO are
touched upon briefly but are treated in detail in Chapters 2 and 11.

8.2 Air-sea fluxesfor the eastward MJO

The evolution of surface heat, moisture and momentum fluxes associated with the
eastward propagating M JO has been described in the western Pacific using satellite and in situ
observations (e.g., Zhang 1996, Lau and Sui 1997, Zhang and McPahden 2000) and across the
entire warm pool using global analyses (e.g., Flatau et al. 1997; Hendon and Glick 1997, Jones et
a. 1998, Shinodaet a. 1998, Woolnough et al. 2000). The basic structure of the fluxesis
schematically illustrated in Figure 8.1 (from Shinoda et al. 1998). The abscissa (in kilometers)
spans ¥z wavelength of the MJO, which is an equivalent duration of ~30 days at a given point as
the MJO systematically propagates eastward. This schematic istypical for the MJO (with some
minor shiftsin phasing as discussed below) across the entire warm pool of the Indian and western
Pacific oceans.

In the convectively active phase, which has a zonal extent of about 8000 km and
meridional width of about 2000 km, increased deep convection is associated with increased cloud
cover, increased rainfall, and decreased surface insolation. Enhanced deep convection sightly
leads (~1 week) enhanced surface westerlies. In the warm pool region where the basic state wind
isweak westerly, these anomalous westerlies act to increase the surface windspeed, hence
increasing the flux of latent and sensible heat. In the convectively suppressed phase, which has a
dightly larger zonal extent (and longer duration) than the active phase, reduced westerlies act to
reduce the windspeed, thus reducing the latent and sensible heat flux. Decreased convection is
also associated with decreased cloud cover and increased surface insolation.

The observed phase lag (~1 week) of latent heat flux with respect to enhanced convection
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enhanced latent heat flux to the east of enhanced convection acts to intensify convection to the
east (e.g., Emanuel 1987). Such models presume an easterly basic state so that easterly anomalies
in advance of enhanced convection act to increase the windspeed and latent heat flux. While such
simple theory is at odds with the observed phase lag of latent heat flux with respect to convection,
a positive impact of wind-induced latent heat flux variations has been demonstrated in some
models (e.g., Neelin et a. 1987; Lin et a. 2000; Raymond 2001; Colén et a. 2002)

Magnitudes of the fluxes at the extrema of alarge MJO event are indicated in Fig. 8.1.
The sensible heat flux anomaly is not shown, asit is about 1/10 the size of the latent heat flux
anomaly and has similar phasing. The net surface longwave radiation (also not shown) tendsto
oppose the surface insolation anomaly but is much smaller. Hence, the surface heat flux variation
is dominated by the insolation and latent heat flux variations.

Enhanced convection and associated enhanced cloud cover typically reduce surface
insolation by about 20-40 Wm™. Shortly thereafter (~7 day lag), the latent heat flux, in
association with enhanced surface westerlies, peaks with similar magnitude. This near collocation
implies that the latent heat flux and insolation anomaly act together to produce a peak surface
cooling of 40-80 Wm?, which propagates coherently eastward across the equatorial warm pool in
conjunction with the convection and surface westerly anomalies. In the suppressed convective
phase, insolation is increased by 10-30 Wm and the reduced surface westerlies act to decrease
the latent heat flux by 10-30 Wm. Together the insolation and latent heat flux anomalies
produce a peak surface warming of about 20-60 Wm during the suppressed phase. Note that in
thisanalysis, the peak amplitude of the warming during the suppressed convective phaseis
weaker than the cooling during the enhanced convective phase. However, the suppressed phase is
of longer duration (greater zonal extent) than the enhanced phase. Hence, averaged over alife
cycle the net heat flux is weakly positive into the warm pool.

As the convective anomaly approaches the dateline, induced easterly anomalies east of
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Woolnough et a. 2000) because the mean (trade) winds are easterly in the eastern Pacific.
Because enhanced latent heat flux now occurs east of enhanced convection (i.e., in aregion of
enhanced insolation) and the convective anomalies weaken as the MJO propagates into the
eastern Pacific (hence producing weaker surface insolation anomalies), the surface heat flux
perturbation is generally small east of the date line. However, during northern summer, the MJO
perturbs convection in the ITCZ north of the equator and coherent surface heat flux perturbations
of similar phasing and magnitude to those in the warm pool are observed in the eastern Pacific
(e.g., Maloney and Kiehl 2002).

The MJO also perturbs the freshwater and surface momentum fluxes. Over the warm
pool, Shinoda et al. (1998) estimate rainfall to increase by 5-7 mm d* during the enhanced
convective phase and decrease by a similar amount during the calm-suppressed convective phase.
Similarly, westerly stress increases to about 0.05Nm™ during the westerly-convective phase and
decreases to about 0.01 Nm during the suppressed convective phase. A hallmark of the MJO is
that the maximum (westerly) stress nearly coincides with the highest flux of freshwater into the
ocean. Hence, their individual influences on the buoyancy forcing of the warm pool mixed layer
will tend to cancel (e.g., Anderson et a. 1996; Zhang and Anderson 2003).

The phasing and relative magnitude of the fluxesin Fig. 8.1 are observed to vary
systematically as the MJO traverses the Indian and western Pacific Oceans. When convection is
developing in the Indian Ocean, the convective anomaly tends to be near the node of the surface
zona wind anomaly (e.g., Hendon and Salby 1994), which is consistent with a Gill-type response
to equatorially-symmetric diabatic heating. As the convection moves into the western Pacific, the
surface zona wind anomaly shifts eastward relative to the convection so that anomalous
westerlies blow entirely through the region of anomal ous convection. Hendon and Salby (1994)
interpreted this changing phase as indicative of the evolution of the energetics of the MJO
through its lifecycle. However, a simple dynamical explanation is that the convective anomaly
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Pacific Convergence Zone in the west Pacific. Hence, the phasing of the surface zonal wind
relative to convection in the Indian Ocean is consistent with an equatorial symmetric heat source.
In the western Pacific, however, the phasing of the surface zonal winds is consistent with an
equatorial asymmetric heat source displaced into the Southern Hemisphere.

The changing phase of the surface zona winds relative to the convective anomaly implies
that the phasing of the surface fluxes will change as the active convective phase propagates
eastward from the Indian Ocean. In the western Pacific, the surface insolation anomaly will be
more in phase with the latent heat flux anomaly because the surface westerlies coincide with
increased convection. But, in the Indian Ocean, there will be less cooperation. Shinoda et al.
(1998) further diagnosed the latent heat flux anomaly to contribute less to the total surface heat
flux anomaly in the Indian Ocean. Hence, the surface heat flux variation in the Indian Ocean is
dominated by the insolation variation whereas the latent heat and insolation anomalies make
equal contributionsin the western Pacific.

8.3 Air-sea fluxes associated with northward propagation in the Indian summer monsoon

During boreal summer, the eastward propagating MJO is notably weaker (e.g., Salby and
Hendon 1994), while the dominant intraseasonal mode exhibits pronounced northward
propagation (~1° lat/day) from the equatorial Indian Ocean into the Indian monsoon (e.g., Sikka
and Gadgil 1980; Wang and Rui 1990; Kemball-Cook and Wang 2001). The dominant period is
shorter aswell (35 days as compared to 50 days during winter). There is some debate as to
whether northward propagation occurs independent of the eastward propagating MJO aong the
equator (e.g., Lawrence and Webster 2002; Jiang et al. 2004). Nonethel ess, the northward
propagating events during boreal summer significantly perturb the surface fluxes of heat,
moisture and momentum. The associated coherent SST anomalies are indicative of robust air-sea
(e.g., Bhat et al. 2001; Sengupta and Ravichandran 2001; Vecchi and Harrison 2002; Webster et
a. 2002). While dynamical mechanisms for the poleward propagation away from the equator,
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appearsto foster the northward propagation in much the same fashion as it fosters eastward
propagation along the equator (e.g., Fu et al. 2003).

Figure 8.2 (from Kemball-Cook and Wang 2001) displays the structure of the air-sea
fluxes for the typical northward propagating intraseasonal oscillation in the Indian Ocean sector
during boreal summer. The abscissa spans about 20-25° latitude, representative of a section of the
Indian Ocean from the equator to 20-25°N. Equivalently, a span of about 20 daysis displayed at
agiven point in the Indian Ocean as the oscillation propagates by to the north.

To the north of the developing convective anomaly, reduced convection acts to increase
the surface insolation. In the suppressed region, anomalous easterlies act on the westerly basic
state of the summer monsoon, thereby reducing the windspeed and latent heat flux. During the
convective phase, ennhanced convection acts to decrease insolation, while anomal ous westerlies
act on the westerly basic state to increase the windspeed and latent heat flux. Typical magnitudes
of these intraseasonal variations are ~5 ms* for the zonal wind, and ~25 Wm for latent heat flux
and insolation. These anomalies can increase by afactor of 3 to 4 for individual events (e.g.,
Webster et al. 2002).

Asfor the eastward propagating M JO, the maximum latent heat flux anomaly occurs
dightly after the maximum convection, which again brings into question the relevance of simple
“guasi-equilibrium” theories for explaining the intraseasonal behavior during boreal summer. The
insolation anomaly slightly leads the latent heat flux anomaly, but they still add constructively to
perturb the net surface heat flux, which can result in significant SST perturbations.

8.3 SST variability

For the ocean to play an active role in the dynamics of the eastward propagating MJO and
the northward propagating variability in the Indian monsoon, the surface flux variations must
induce a SST variation. Krishnamurti et al. (1988), motivated by the need to explain the long time
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from the FGGE year, they showed that intraseasonal (30-60 d period) SST variability was most
prominent across the equatorial Indian and western Pacific Oceans and had temporal phasing
indicative of the atmosphere forcing the ocean on the intraseasonal timescale (i.e., minimum SST
lagged maximum surface westerlies by ~V4 cycle). Hendon and Glick (1997), using seven years of
weekly SST analyses from Reynolds and Smith (1994), confirmed their results. Figure 8.3
displays the ratio (as a percentage) of intraseasonal (30-90d period) to subseasonal (periods 10-
200 d) SST variance. The regionsin the Indian and western Pacific with ratio greater than 50%
are also regions where SST variability exhibits a significant spectral peak near 60 days (Zhang
1996; Hendon and Glick 1997). These regions are also where the signal in convection and surface
winds associated with the MJO is the strongest (e.g., Salby and Hendon 1994). Note that the
intraseasonal variability in the northern Indian Ocean may be underestimated in the satellite-
based SST data used to create Fig. 8.3 due to retrieval problemsin regions of persistent
precipitating convection (Harrison and Vecchi 2001; Sengupta and Ravichandran 2001).

For the eastward propagating MJO, warm SST anomalies devel op after passage of the
calm-suppressed phase, when the surface heat flux is most positive into the ocean, and cold SST
anomalies develop after passage of the windy-convective phase, when the surface heat flux is
most negative (Fig. 8.1). Thetypical SST anomaly has amplitude ~ 1/3 K (Flatau et a. 1997,
Hendon and Glick 1997; Zhang 1997; Shinoda et al. 1998; Woolnough et al 2000; Kemball-Cook
and Wang 2001), although strong MJO events often produce SST swings of more than 1 K in the
western equatorial Pacific (e.g., Weller and Anderson 1996).

Pronounced SST anomalies in the Indian Ocean are also observed during boreal summer
when the intraseasonal oscillation is propagating northward. To the north of the developing
convective anomaly in the equatorial Indian Ocean, clear skies (enhanced insolation) and reduced
latent heat flux (easterly anomalies) act to warm the Arabian Sea and Bay of Bengad (e.g.,
Kimball-Cook and Wang 2001; Vecchi and Harrison 2002). During the convective phase,
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and latent heat flux, thereby producing surface cooling. Hence, awarm SST anomaly leads the
northward propagating convective anomaly by 1-2 weeks (1/4 cycle) and a cold SST anomaly
follows the convective anomaly by a similar lag. The magnitude of these SST anomalies,
especially in the Bay of Bengal (1-3 K), can be much larger than for the near- equatorial SST
anomalies associated with the eastward propagating MJO (e.g., Sengutpa and Ravichandran
2001). The freshness of the mixed layer in the Bay of Bengal, where mean precipitation and river
runoff is high, resultsin a shallower and more stably stratified mixed layer with a deeper barrier
layer than in the western equatorial Pacific (e.g. Bhat et a. 2001; Sengupta and Ravichandran
2001; Webster et al. 2002). Hence, the mixed layer in the Bay of Bengal remains shallow in the
presence of stronger winds and is more sensitive to the intraseasonal surface heat flux variations.
8.4 M echanisms of SST variability

Understanding how SST and the upper ocean mixed layer vary intraseasonaly is
important both for successful coupled simulation and for validation of air-seainteraction theories
of intraseasonal variability. The focus in this section is on mechanisms of near-equatorial SST
variability associated with the eastward MJO. Much less work has been done on the mechanisms
of SST variability in the northern Indian ocean associated with northward propagating
intraseasonal oscillations during boreal summer, probably due to lack of quality observations of
the upper ocean and surface meteorology. However, recent field campaigns (e.g., JASMINE and
BOBMEX) and new satellite SST products (e.g., Vecchi and Harrison 2002) have revealed some
similarities and differences with the behavior of the near-equatorial warm pool, which are
commented on at the end of this section.

The near-equatorial warm pool is aregion of weak winds and horizontal SST gradient,
deep thermocline (~100m), and shallow (~25 m), and fresh (stable) mixed layer, which overlaysa
deeper, more saline isothermal layer (e.g., Lukas and Lindstrom 1991). The layer between the
halocline, which typically defines the base of the mixed layer, and the thermocline is referred to

asthe barrier layer, because it effectively shields the mixed layer from colder sub-thermocline



water. These conditions of weak horizontal temperature gradient and strong vertical stability
mean that 1-dimensional processes primarily govern the intraseasonal SST variations in the warm
pool. Therelatively weak wind fluctuations produced by the MJO are typically not sufficient to
mix through the barrier layer. Hence the SST variation associated with the MJO is primarily
accounted for by surface heat flux variation (Anderson et a. 1996; Flatau et a. 1997; Hendon and
Glick 1997; Lau and Sui 1997; Jones et al. 1998; Shinoda and Hendon 1998; Woolnough et al.
2000; Schiller and Godfrey 2002; Zhang and Anderson 2003). The largest heat flux out of the
ocean occurs at about the time of maximum convection (Fig. 8.1), resulting in minimum SST
about ¥4 cycle later (about two weeks for the typical MJO event). Similarly, the largest heat flux
into the ocean occurs at the time of most suppressed convection, resulting in warmest SST about
Yacycle prior to onset of deep convection.

Detailed observations in the western equatorial Pacific during TOGA-COARE (Webster
and Lukas 1992), however, suggest a complex evolution of the upper ocean through the life cycle
of the MJO. TOGA-COARE ran from November 1992 through February 1993. The experiment
was fortunate in that two major MJO events traversed the Intensive Flux Array (IFA) located in
the equatorial western Pacific (roughly spanning 2N-2S, 152-157E) in December 1992 and
January 1993 (e.g., Gutzler et a. 1994). Hourly observations of surface fluxes and SST at the
IMET mooring (located at 1.45°S, 156°E; Weller and Anderson 1996) are shown in Fig. 8.4
(Anderson et a. 1996). During the suppressed convective phase, SST gradually warmsin the
presence of a positive surface heat flux and weak surface wind. A pronounced diurnal cycle of
SST is evident. During the convective phase, when the winds strengthen and become westerly,
the surface heat flux is negative and SST rapidly cools with an absence of adiurnal cycle. The
westerlies at this time are seen to be highly variable, which is a hallmark of the so-called
westerlies wind bursts that tend to occur within the large-scale envel ope of enhanced convection

during the MJO (e.g., Hendon and Liebmann 1994). These wind bursts could potentially play an
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important role in the evolution of the warm pool mixed layer because the wind stirring of the
mixed layer does not ssimply increase linearly with the windspeed.

High resolution modeling of the mixed layer indicates that 1-dimensional processes
govern this SST behavior provided that accurate surface fluxes are utilized (Fig. 8.4; aso Shinoda
and Hendon 1998). However, for this TOGA-COARE period at the IMET site, acumulative
systematic biasis apparent (Fig. 8.4), which is only accounted for by considering horizontal and
vertical advection (e.g., Cronin and McPhaden 1997, Feng et al. 1998, Feng et al. 2000). Except
within the oceanic equatoria radius of deformation (~ 2-3° latitude; e.g., Ralph et a. 1997; Feng
et a. 2000; Shinoda and Hendon 2001; Schiller and Godfrey 2002), horizontal and vertical
advection appear not to be coherent on the scale of the MJO. Hence, advection does not play a
systematic role in governing the meridionally broad SST variation associated with the MJO
(Shinoda and Hendon 1998, 2001). While advective processes are clearly important at some
places for individual events, they depend critically on theinitial state of the upper ocean (e.g.,
preexisting anomalous horizontal temperature gradient) and the atmospheric noise (the non-
spatially coherent circulation). Thus, the magnitude and sign of the advective tendencies varies
significantly from one MJO event to another. Systematic advection in the near equatorial belt is
returned to shortly.

The mixed layer depth does vary systematically over the life cycle of the MJO (Hendon
and Glick 1997; Shinoda and Hendon 1998), which will affect the sensitivity of the mixed layer
to surface heat flux variations and the amount of shortwave radiation that penetrates through the
mixed layer. Mixed layer deepening is also indicative of entrainment, which may act to
additionally cool or warm the mixed layer depending on the stratification.

Thetypical evolution of the ocean mixed layer from the suppressed-calm phase to the
convective-windy phase of the MJO isillustrated in Fig. 8.5 (from Shinoda and Hendon 1998).
During the calm-clear phase of the MJO (day 36-48), which corresponds to 26 November- 8

December 1992 during COARE, a shallow mixed layer forms above a deep barrier layer in
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response to positive surface heat flux and small turbulent mixing. A strong diurnal cycle of mixed
layer depth and temperature develops (Fig. 8.6), with nighttime convection acting to spread the
intense daytime warming to a deeper layer. The shallowness of the mixed layer during this
warming phase (<10 m) also results in significant (>10 Wm™) penetration of shortwave radiation
through the base of the mixed layer. Absorption of this radiation below the mixed layer resultsin
a stable inversion owing to the freshness of the mixed layer (Lukas and Lindstrom 1991; Sprintall
and Tomczak 1992; Anderson et a. 1996; Shinoda and Hendon 1998; Schiller and Godfrey 2002;
Zhang and Anderson 2003).

During the cloudy-windy phase (days 68 —70, which corresponds to 26-28 December
1992), the surface heat flux is negative, the mixed layer deepens and the diurnal cycle of radiation
isweak. The negative surface heat flux initially cools the mixed layer more than the sub mixed-
layer and the mixed layer begins to deepen, eroding the barrier layer. Entrainment of submixed
layer water into the mixed layer initially acts to warm the mixed layer because of the slight (but
stable) temperature inversion in the barrier layer. Thus, the entrainment heat flux into the mixed
layer tends to be out of phase with the surface heat flux (Shinoda and Hendon 1998); diurnal
entrainment (nighttime convection) during the surface warming phase cools the mixed layer,
while entrainment of warm sub-mixed layer water during the surface cooling phase tends to warm
the mixed layer.

In the experiments of Shinoda and Hendon (1998) cold sub-thermocline water was never
entrained into the mixed layer during the windy-convective phase because of the weakness of the
large-scale M JO-induced winds, the strong stratification at the thermocline in the initial
conditions, and the development of a barrier layer during the calm-clear phase. However,
entrainment of sub-thermocline water into the mixed layer is observed to occur in the western
Pacific during some strong westerly wind bursts (e.g., Feng et a. 1998). The results of Shinoda

and Hendon (1998) suggest that over the large spatial scale of the typical MJO, entrainment
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cooling during the cloudy-windy phase of the MJO is not systematic but may be important during
some intense events.

The phasing of the mixed layer depth (deepest during the cloudy-windy phase and
shallowest during the calm-clear phase) does result in enhanced sensitivity of the mixed layer
temperature to surface heat flux forcing during the warming phase and reduced sensitivity during
the cooling phase. The enhanced sensitivity during the warming phase is partially offset by an
increased amount of shortwave radiation that penetrates through the base of the shallow mixed
layer. Still, if the mean mixed depth is used to simulate the MJO-induced SST variation, then the
cooling phase is over predicted and the warming phase is under-predicted by 25-50% (Shinoda
and Hendon 1998).

Lukas and Lindstrom (1991) and Anderson et al. (1996) suggest that the intraseasonal
variation of freshwater flux may aso play arole in governing the mixed layer evolution over the
course of the MJO. They envision that intense precipitation prior to the windy-cooling phase
would generate a very stable fresh mixed layer, hence preventing mixing of cold water into the
mixed layer during the windy-cooling phase. While such behavior has been observed at
individual locations throughout the warm pool (e.g., Sprintall and Tomczak 1992), the phasing of
the freshwater flux relative to the surface cooling and maximum surface windspeed for the MJO
(Fig. 8.1) suggests that it is not an important process for the typical MJO event. That is, the bulk
of the rainfall during the MJO tendsto fall during the windiest period, thus preventing formation
of ashallow fresh layer (e.g., Zhang and Anderson 2003).

Shinoda and Hendon (1998) showed the lack of sensitivity to the freshwater flux
variation associated with the MJO by driving the mixed layer model with composite surface
fluxes from 10 well-defined MJO events. Two simulations were conducted. The control run used
the full surface fluxes for each MJO event, while the other run prescribed the freshwater flux to
be held constant at its mean value. Very little difference in mixed layer temperature is predicted.

Hence, while the mean freshwater flux is critical for maintaining the freshness and stratification
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of the warm pool (e.g., Lukas and Lindstrom 1991; Anderson et a. 1996), the intraseasonal
variation of freshwater flux over the life cycle of the MJO appears not to be systematically
important. Zhang and Anderson (2003) point out that accurate simulation in climate models of the
phasing of rainfall and winds for the MJO is challenging. Hence, coupled models may
erroneously simulate sensitivity to the freshwater flux simply by simulating an MJO with an
unrealistic phasing of rainfall relative to the windspeed maximum.

Inclusion of the diurnal cycle of insolation, on the other hand, does have alarge
systematic impact on the evolution of the mixed layer temperature. Figure 8.7 (from Shinoda and
Hendon 1998) shows the daily mean mixed layer temperature predicted at the IMET mooring
during TOGA COARE for simulations using hourly surface fluxes and daily mean surface fluxes.
During the calm-clear phases of the MJO, when the diurnal cycle of mixed layer temperatureis
large, inclusion of the diurnal cycle of insolation increases the daily mean mixed layer
temperature by 0.2-0.5 K. More heat is absorbed in a shallower mixed layer during daylight
hours when the insolation and mixed layer depth vary diurnally, even though nighttime
convection tends to spread this heat out over a deeper layer. Hence, the mean SST during the
calm phase increases. The amplitude of the intraseasonal variation of SST over the life cycle of
the MJO also increases by 20-30% (see also Schiller and Godfrey 2002). Impact of this amplified
intraseasonal SST variation on the atmosphere and specifically on the dynamics of the MJO has
yet to be determined. On the other hand, the diurnal cycle of SST during the suppressed phase has
been postulated to drive shallow convection in the afternoon that acts to progressively moisten the
lower troposphere, setting up conditions that are favorable for the onset of organized convection
within the MJO (Godfrey et al. 1998).

The broad-scale surface wind perturbations associated with the MJO, though typically
weak (<5 ms™), do act to rapidly spin up a near-equatorial surface current (e.g., McPhaden et al.
1988; Maes et a. 1998; Cronin et al. 2000; Shinoda and Hendon 2001). These currents may then

advect both the mean zonal SST gradient on the eastern edge of the warm pool (which may be
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relevant to the initiation of El Nifio and as discussed in Chapters 7 and 10) and the anomal ous
zona SST gradient in the warm pool induced by the MJO viathe surface heat flux variations
(Ralph et al. 1997). An example of such anarrow equatorial jet (i.e., Y oshida 1959) was
observed with drifters during TOGA COARE (Ralph et a. 1997). This strong eastward current
developed in response to the surface westerlies associated with the MJO event that traversed the
western Pacific in late December 1992. The narrow, meridionally convergent jet iswell simulated
by an ocean general circulation model forced with observed surface stress for this period (Fig. 8.8
from Shinoda and Hendon 2001).

Ralph et a. (1997) demonstrate that this jet acted to advect eastward the anomal ous cold
SST that developed in the equatorial western Pacific in response to the M JO-induced surface
cooling. They further diagnosed that, in the long term mean, such nonlinear advection acts to
cool the equatorial western Pacific warm pool at just the rate that it is warmed by the net surface
heat flux (~10 Wm@). Hence, episodic nonlinear advection generated by the MJO helps to
maintain the mean state of the warm pool. Shinoda and Hendon (2001) qualitatively confirmed
this result by driving an ocean general circulation model with observed intraseasonal surface
fluxes. But, the simulated mean cooling produced by the MJO was underestimated presumably
dueto difficultiesin predicting subtle changes to the weak zonal SST gradient.

Much less work has been done on the mechanisms of SST variability in the northern
Indian Ocean associated with northward propagating intraseasonal activity during boreal summer.
Analysis of limited observations in the Bay of Bengal revea a near-quadrature relationship
between net surface heat flux variations associated with intraseasonal oscillations in convection
and SST, consistent with the notion that the SST variation is primarily driven by the surface heat
flux variation (Sengupta and Ravichandran 2001). Taking into account the variation of mixed
layer depth and penetration of short wave radiation, Sengutpa and Ravichandran (2001) showed
gualitative agreement between the surface heat flux variation and observed intraseasonal SST

tendency. Despite the fact that mean winds are strong (~10 ms™), abundance of rainfall and runoff
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in the region maintains a stable mixed layer upon a deep barrier layer, which prevents mixing of
cold subthermocline water into the mixed layer (Bhat et a. 2001). On the other, model results
from Loschnigg and Webster (2000) suggest the oceanic poleward heat transport integrated
across the entire Indian Ocean varies in association with the poleward propagating intraseasonal
events. Their result implies that the intraseasonal oscillation drives changes in the wind-driven
circulation of the Indian Ocean, but it is not clear how or whether these changesin heat transport
relate to the associated SST changes.

8.5 SST-atmospher e feedback

One conseguence of the induced intraseasonal SST variationsis that the surface fluxes
will be modified. Theinduced SST anomaly associated with the MJO (Fig. 8.1) has been
diagnosed to cause a dight eastward shift of the latent heat flux anomaly relative to the
windspeed anomaly because of the temperature effect on the surface saturation humidity (e.g.,
Zhang 1996; Hendon and Glick 1997). This eastward shift causes the maximum latent heat flux to
be more collocated with the maximum convection, rather than lagging it by afew days. This
subtle phase difference has important ramifications for the mechanism of the eastward
propagating MJO (e.g., Raymond 2001). However, the quality of current global surface flux and
humidity data sets prohibits a more definitive description at thistime.

The induced SST anomaly will also act to reduce the sensible and latent heat fluxes
driven by the MJO (Hendon and Glick 1997; Shinoda et al. 1998). That is, SST will warmin
response to reduced latent heat flux in the suppressed phase, but awarmer SST will act to
increase the latent heat flux. The opposite happensin the suppressed phase. Shinoda et al. (1998)
estimate that the induced SST anomaly acts to reduce the amplitude of the latent heat flux by 10-
15%. How this reduction may affect the dynamics of the MJO is not obvious, but in some
atmospheric models coupled to shallow slab mixed layers (so that alarge SST anomaly is
induced) the MJO amplitude is diminished because the wind-evaporation feedback is effectively

eliminated (E. Maloney, personal communication 2004).
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The phasing of the SST anomalies relative to the convective anomaly, where by warm
SST precedes enhanced convection by ~1-2 weeks and cold SST proceeds suppressed convection
by asimilar lag, is also suggestive of a positive feedback. Various mechanisms for a positive
feedback of the SST perturbations onto the eastward propagating M JO have been proposed.
Wang and Xie (1998), Waliser et al. (1999), Kemball-Cook et al. (2002), and Maloney and Kiehl
(2002) propose that the warm SST in advance of the convective anomaly hydrostatically acts to
lower the surface pressure, thereby promoting more moisture convergence in advance of the
convective phase, thus helping to destabilize the MJO. This thermodynamically driven
enhancement is estimated to directly account for about a 10% reduction in surface pressure and a
similar increase in surface convergence. However, due to feedbacks between moisture
convergence, diabatic heating and circulation, the total effect of this slight pressure reduction
could be much larger. In the Waliser et al. and Kemball-Cook et al. studies, the SST-induced
surface convergence acts to amplify a preexisting MJO maode in the models. On the other hand, in
the Wang and Xie study, the SST-induced convergence acts to destabilize the MJO-maode for
conditions where the model otherwise does not support an MJO.

Flatau et a. (1997), Hendon and Glick (1997), and Lau and Sui (1997) propose that the
warm SST anomaly directly destabilizes the atmospheric column in advance of the convection by
acting to raise the surface equivalent potential temperature (or moist static energy). At 30° C, a
0.5°C swing in SST is associated with a0.8 g kg™ change in saturation mixing ratio or about a
3°C change in saturation equivalent potential temperature. In the Flatau et al. (1997) model,
where the SST tendency was simply parameterized to be negative (cool) when the surface winds
were westerly (which encompasses enhanced windspeed and reduced insolation due to enhanced
convection) and positive (warm) when the surface winds were easterly (which encompasses
reduced windspeed and enhanced insolation due to reduced convection), coupling with the SST

acted to amplify, slow down, and better organize an existing MJO-like mode.
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Judging the realism of these coupled model studiesis difficult. In the Flatau et al. (1997)
study, the induced SST anomalies are 3-4 times bigger than observed. Though coupling did
dramatically improve the intraseasonal organization of convection and its eastward propagation,
the impact of the induced SST anomalies may be over estimated. Waliser et al. (1999), using a
slab-mixed layer coupled to agenera circulation model, and Kemball-Cook et a. (2002), using a
an intermediate ocean model coupled to a general circulation, report more positive impacts
whereby coupling slowed down and strengthened an existing MJO-like mode. While more
realistic intraseasonal SST anomalies were simulated (amplitudes ~0.1 K), it is difficult to assess
the robustness of these results based on short (10-15 year) integrations due to large internal
variability of the MJO in the absence of coupling. However, coupling is certainly not a panacea
for simulation of the MJO. Hendon (2000) found little impact of coupling in ageneral circulation
model that produces a robust M JO-like mode when uncoupled. The uncoupled mode in this
particular model appears to be promoted by evaporation-wind feedback (Neelin et al. 1987), with
enhanced evaporation unreaistically occurring in the easterlies to the east of the convective
anomaly. As aresult, the latent heat flux and insolation anomalies do not constructively add to
perturb the net surface heat flux, thuslittle SST anomaly is generated when coupled. The
conclusion from these general circulation model studies, then, is that the coupling at best
improves the simulation of the MJO, but only if it is reasonably simulated in the uncoupled
models.

The near quadrature relationship between northward propagating convection during
boreal summer and SST suggests that the ocean is primarily being forced by the atmosphere,
similar to the situation for the eastward propagating MJO. But, as for the eastward MJO events,
the warm SST anomaly in advance of the poleward propagating convective anomaly acts to
hydrostatically decrease surface pressure, thereby increasing surface convergence and humidity,
which acts to destabilize the atmosphere in advance of the convection (e.g., Kemball-Cook et a

2002; Fu et a. 2003). While northward propagation of the MJO is simulated in some models to
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occur in the absence of air-sea coupling, inclusion of coupling increases the amplitude of the
northward propagating events by ~50% (Fu et al. 2003). In fact, the impact of air-sea coupling on
northward propagation in the Indian summer monsoon appears to be more robust than that on
eastward propagation of the MJO along the equator.

8.6 Impact of slow SST variationson MJO activity

Interaction of the MJO with the ocean has been discussed from the perspective of the
atmosphere driving the ocean with the possibility of a coupled feedback. One way interaction,
where by the slowly varying SST influences the behavior of the MJO, does play an important role
for the seasonal and interannual variation of MJO activity. The seasonal variation of MJO
activity, with the strongest eastward propagation occurring near vernal equinox (e.g., Salby and
Hendon 1994), is partialy explained by the seasonal cycle of SST and mean convection (e.g., Li
and Wang 1994; Salby et al. 1994). The most zonally extensive warm pool and region of active
convection develop after the austral solstice, but is displaced into the Southern Hemisphere. The
strongest MJO activity tendsto occur at this time because near-equatorial convection can develop
in the Indian Ocean and propagate furthest east into the Pacific. At the autumnal equinox,
intraseasonal convection is observed to peak again in the Indian Ocean (Salby and Hendon 1994),
but because SSTs have not yet warmed in the equatorial western Pacific, MJO activity tends to
not be as strong as near the vernal equinox.

Large year to year variability in the strength of MJO activity is also observed (e.g., Salby
and Hendon 1994; Hendon 1999; Slingo et al. 1999). This variability, at least at that time of year
when the MJO is strongest as measured by globally integrated indices, is not clearly connected to
interannual variations of the SST. For instance Hendon et al. (1999) and Slingo et al. (1999)
found little relationship between year to year variations of the level of global MJO activity and
SST variations, and, in particular, those associated with ENSO. A possible exception isan
apparent tendency for global MJO activity to weaken at the peak of the strongest EI Nino events.

Figure 8.9a, which is an updated version of the plot shown in Hendon et a. (1999), confirms the
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lack of asimple relationship between MJO activity in austral summer (the season when MJO
activity is strongest) and ENSO. This result has been confirmed with GCM studies where
observed SST is prescribed for a number of years (e.g., Slingo et al. 1999; Gualdi et al. 1999;
Waliser et a. 2001). However, simulation of the MJO in these modelsis far from perfect. Thus,
there is ample scope for further study of seasona predictability of the MJO once reliable
simulations of the MJO are achieved.

On the other hand, a significant relationship between global MJO activity in boreal
summer and ENSO is apparent (Fig. 8.9b). Despite the fact that this occurs at the time of year
when the MJO is weakest along the equator, it is during this time of the year when MJO activity
may have its greatest impact on the evolution of the coupled system in the Pacific (e.g., Fedorov
2002). A simple explanation for the enhanced MJO activity in boreal summer during developing
El Nifio eventsisthat the total SST field then is similar to the normal SST field during |ate boreal
winter. In particular, the cold tongue in the central and eastern Pacific, which normally actsto
reduce eastward propagation along the equator during boreal summer (e.g., Li and Wang 1994) is
absent during awarm event. Thus, MJO activity can propagate further east and maintain its
strength longer. The lack of arelationship between the strength of global MJO activity and ENSO
during boreal winter results because, as warm events peak in boreal winter, anomalous
convection then often shifts so far east in the Pacific that suppressed conditions develop in the
western Pacific. Thus, the MJO experiences less of afetch upon which to grow.

MJO activity, along with all other intraseasonally varying convective activity, does shift
eastward in the Pacific during warm events and contracts westward during cold events (Gutzler
1991; Anyamba and Weare 1995; Fink and Speth 1997, Hendon et al. 1999, Kessler 2001). This
eastward shift appears to simply reflect the eastward shift of warm SST as El Nifio develops:
warming SST provides the basis for MJO activity to develop further eastward. Kessler (2001)
points out that this apparently diagnostic relationship may still be supportive of an active role of

the MJO in the development of El Nifio, especialy if the MJO produces arectified response in
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the western Pacific (e.g., Shinoda and Hendon 2002), where the coupled system is especialy
sensitive (e.g., Kessler and Kleeman 2000; and see Chapters 7 and 10).
8.7 Concluding remarks

This review has focused on observations of air-sea interaction associated with eastward
and northward propagation of the MJO. Specificaly, air-seainteractions that are relevant to the
mechanism and variability of the MJO were addressed. Two areas of future research will shed
more light onto the role of air-seainteraction for intraseasonal variability throughout the global
tropics. First, improved global data sets from new observing platforms and refined reanalysis of
surface fluxes, SST and rainfall will allow more comprehensive study of the delicate interplay of
convection, SST and oceanic and atmospheric circulation. Second, improved simulation of
tropical intraseasonal variability in climate models will allow careful study of the mechanism and
importance of active coupling on intraseasonal time-scales.
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FIG. 8.1. Schematic diagram showing magnitude and phase relationship relative to the
convective anomaly of the surface fluxes and SST variations produced by the canonical MJO.
The asymmetric zonal scale of the cloudy-windy and suppressed-calm phases and eastward
phase speed (4 m s*) of the joint atmosphere—ocean disturbance across the warm pool are
indicated. Typical extrema of surface fluxes and SST over life cycle of MJO are shown for
western Pacific. From Shinoda et al. (1998)
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Fig. 8.2. Schematic of air—seainteraction in the northward propagation of convective
anomalies associated with the intraseasonal oscillation during boreal summer in the
Indian and western Pacific Oceans. Dark vertical linesindicate the mid-troposphere
vertical velocity anomaly. The cloud indicates deep precipitating convection. The
boxes represent the approximate locations of anomalies relative to the convection.

Solid box indicates a positive anomaly, and dashed box indicates a negative anomaly.

Circlesindicate direction of 850-mb zonal wind anomaly with the ©(®)representing
easterlies (westerlies). From Kemball-Cook and Wang (2001).

28



FIG. 8.2. Ratio (percentage) of intraseasonal (30—90-d period) SST variance to the total
subseasonal (periods 10-200 d) SST variance for the period 1 July 1986-30 June 1993.
Shadina levels beain at 45%. 50%. and 60%. From Hendon and Glick (1997).
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Fig. 8.5 Diurnal cycle of vertical
temperature profile simulated during the
suppressed convective phase of the MJO

Fig. 8.4 Daily averages temperature profile
simulated in the equatorial western Pacific with a

1-dimensional mixed layer model driven with
observed surface fluxes for the MJO event that in the equatorial western Pacific on 26

5). The crosses indicate the mixed layer depth each Hendon (1998).

day. Day 36 corresponds to 26 November 1992
(suppressed convective phase) and day 70
corresponds to 30 December 1992 (post convective
phase). From Shinoda and Hendon (1998).

31



FiG. 8.6. Predicted SST at the IMET site for 22 October 1992—-2 March 1993 using hourly
surface fluxes from the IMET mooring data (thick curve) and daily mean fluxes (dashed
curve). (b) The SST difference between the two experiments shown in (a). From Shinoda and
Hendon (1998).
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Fig. 8.7 Surface currents simulated for the week beginning 27 December 1992 using an ocean general

circulation model driven with observed surface fluxes. The maximum velocity vector has magnitude 1 m s™.

From Shinoda and Hendon (2001).
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Fig 8.8 Time series of tropically averaged (15S-15N) OLR variance filtered to eastward
wavenumbers 1-4 and periods 30-90 days. Top panel isfor the five month period
November through March and bottom panel isfor May through September. Also shown
isthe Nino34 SST index for the same 5 month periods. Simultaneous correlations, with
and without linear trend, are indicated. Filtered OLR data were kindly supplied by M.
Wheeler, BMRC.
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